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Abstract

The key questions of how the tropospheric biennial oscillation (TBO) maintains the
same phase from northern summer in South Asia to southern summer in Australia, and how
the reversed phase can last through three locally inactive seasons to the next monsoon, are
studied by a simple tropical atmosphere-ocean-land model. The model has five boxes
representing the South Asian and Australian monsoon regions and the equatorial Indian,
and western and eastern Pacific oceans. The five regions interact with each other through
the SST-monsoon, evaporation-wind, monsoon-Walker circulation, and wind stress-ocean
thermocline feedback.

A biennial oscillation emerges in a reasonable parameter regime, with model SST
and wind variations resembling many aspects of the observed TBO. Warm SST anomalies
(SSTA) in July in the equatorial Indian Ocean cause an increase of surface moisture
convergence into South Asia, leading to a stronger monsoon. The monsoon heating on
one hand induces a westerly wind anomaly in the Indian Ocean, and on the other hand
intensifies a planetary-scale east-west circulation leading to anomalous easterlies over the
western and central Pacific. The westerly anomaly over the Indian Ocean decreases the
local SST, primarily by evaporation-wind feedback. The easterly anomaly in the central
Pacific causes a deepening of the ocean thermocline in the western Pacific therefore
increases the subsurface and surface temperatures. In addition, a modest easterly
anomaly in the western Pacific opposes the seasonal mean westerlies so evaporation is
reduced. These effects overwhelm those of the cold zonal advection and anomalous
upwelling. The net result is warm SSTA persisting in the western Pacific through northern
fall, leading to a stronger Australian monsoon.

Meanwhile, the warming in the western Pacific also induces a stronger local Walker
cell and thus a surface westerly anomaly over the Indian Ocean. This westerly anomaly
helps the cold SSTA to persist through the succeeding seasons, leading to a weaker Asian
monsoon in the following summer. During northern winter the westerly anomaly associated
with the stronger Australian monsoon, through anomalous ocean downwelling and
reduction of evaporation (when the seasonal mean wind is easterly), reinvigorates the
warm SSTA in the western Pacific, which has been weakened by the slow cold advection
from the eastern Pacific. This further intensifies the eastern Walker cell and helps to keep
the eastern Pacific cold.

Our theory indicates that the TBO is an inherent result of the interactions between
northern summer and winter monsoon and the tropical Indian and Pacific oceans. Thus, itis
an important component of the tropical ocean-atmosphere interaction system, separate
from the El Nino/Southern Oscillation. While the eastern Pacific plays only a passive role in
this mechanism, the western Pacific/maritime continent region is crucially important. It
serves as a bridge in space and time, both in connecting the convection anomaly from the



northern summer to the northern winter monsoon and in channeling the feedback of the
northern winter monsoon to the Indian Ocean.

1. Introduction

The interannual variability of the Indian and Australian monsoon rainfall exhibits a
remarkable biennial (or quasi-biennial) oscillation feature (Mooley and Parthasarathy 1984,
Yasunari and Suppiah 1988, Yasunari 1990, 1991, Tian and Yasunari 1992, Shen and Lau
1995, Webster et al., 1998). This biennial oscillation, referred to as the Tropospheric
Biennial Oscillation (TBO) by Meehl (1994, 1997) in order to differentiate it from the
stratospheric quasi-biennial oscillation (Reed et al., 1961), is associated with variations in
the tropical atmospheric circulation and sea surface temperature (SST) over the tropical
oceans (Rasmusson and Carpenter 1982, Meehl 1987, Kiladis and van Loon 1988,
Ropelewski et al. 1992, Lau and Yang 1996). It appears that TBO as a prominent feature
of the Asian-Australian monsoon may involve strong coupling and interactions between the
atmosphere, ocean, and land surface.

One important feature of the atmospheric convection associated with the TBO over
the Asian-Australian monsoon sector is that it exhibits a characteristic spatial structure and
seasonality. Meehl (1987, 1993) stratified oceanic and atmospheric data according to
whether the Asian monsoon is stronger or weaker relative to previous and following
seasons and noted a specific TBO pattern with a distinct seasonal sequence. Anomalies
in convection (represented by outgoing longwave radiation) start over the Indian monsoon
region during northern summer and propagate southeastward in the course of the seasonal
march from northern summer to winter. That is, the condition of strong (or weak)
convection over India and Southeast Asia during the summer monsoon persists over the
Indonesian maritime continent and Australian monsoon region in the succeeding autumn
and winter, following the seasonal migration of the convection center.

While the anomalies associated with the TBO move and develop continuously from
northern summer to the following winter season, they become stationary and decay
between northern winter and the following northern summer (Yasunari 1990, Tomita and
Yasunari 1996). This temporal asymmetry of the TBO is clearly demonstrated from the
lagged correlation between the Indian monsoon rainfall and SSTs in the western and
eastern Pacific (Fig. 1, from Yasunari, 1990). The lag correlation gradually increases after
the summer monsoon season and reaches its maximum in the following winter. On the
other hand, the correlation between the monsoon and SSTs in the previous winter is
relative low. A similar lag correlation relationship was also found for the East Asian
summer monsoon rainfall (Shen and Lau 1995). These results suggest that the anomalous
convective heating associated with the Asian summer monsoon may play an active role in
forming or triggering the anomalous SST in the equatorial Pacific. Since during strong
events the SST anomalies (SSTA) resemble the El Nino/La Nina conditions, this temporal
asymmetry suggests that the impact of the Asian monsoon on the EI Nino may be greater
than the impact of the El Nino on the monsoon variations.

Ropelewski et al (1992) documented from observational data the temporal and
spatial structure of the biennial and lower-frequency oscillations in both SST and surface



wind fields over the equatorial Indian and Pacific oceans. They suggested a possible
linkage between the biennial variability and the monsoon circulation. The interrelationship
between the Indian monsoon and SST and winds in the equatorial oceans are further
studied by Lau and Yang (1996). Their lagged correlation map (Fig. 2) shows that prior to
a strong Indian monsoon, SSTA tend to be positive in the equatorial Indian Ocean and the
eastern and central equatorial Pacific, but they tend to be negative in the western
equatorial Pacific north of Australia. Specifically, the equatorial eastern-central Pacific is
occupied by warm anomalies for the entire preceding calendar year until about March of
the same year, and the equatorial Indian Ocean experiences warm anomalies from the
preceding October through the boreal spring. By contrast, in the western equatorial Pacific
cold anomalies prevail during most part of the preceding 18 months.

Corresponding to these pre-summer SSTA, Fig. 2b shows that the wind anomaly is
mostly westerly in the central Pacific and easterly in the Indian Ocean. Near the start of the
strong Indian monsoon, easterly anomalies develop over the Pacific basin between
approximately 130°E-130°W. This development occurs near simultaneously with the
development of significant negative SSTA in the eastern-central Pacific and positive SSTA
in the western Pacific. Over the Indian Ocean, westerly anomalies are established
following the strong monsoon and are accompanied by the decrease of the local SST.
Similar to the SST variations, a strong Indian monsoon is often followed by a deeper
thermocline and warmer water in the western Pacific and a shallower thermocline and
colder water in the eastern Pacific (Yasunari 1990, Masumoto and Yamagata 1991, Meehl
1993). The high correlation between the Indian rainfall and the following January
subsurface ocean temperatures in the western equatorial Pacific at the biennial scale can
be seenin Fig. 3 (from Yasunari, 1990).

Several theories have been proposed to understand the origin and nature of the
tropospheric biennial oscillation. Nicholls (1978) first hypothesized that the TBO results
from the modulation/amplification of the seasonal cycle due to opposite feedback’s
between SST and the surface wind during a wet and dry season in the Indonesia-Northern
Australia region. Meehl (1987, 1993) substantiated Nicholls’ hypothesis and proposed a
conceptual mechanism which includes a large-scale east-wet circulation that links the
strength of the monsoon with the equatorial eastern Pacific SST and a memory effect of the
tropical ocean west of the South Pacific Convergence Zone (SPCZ). In a “strong year” the
Indian summer monsoon is strengthened by an anomalous large-scale east-west
circulation associated with a colder eastern Pacific. This is followed by a southeastward
progression of a stronger annual-cycle convection over the warm SSTA west of the SPCZ,
so that by northern winter the Australian monsoon is also strengthened. The stronger
convection moves into the South Pacific High region in northern spring and induces
anomalous westerlies in the equatorial Pacific, which contributes to a warming and
reversal of the eastern Pacific SSTA and the start of the “weak” year. The process is
augmented by a memory effect in which a strong monsoon cools local SSTs through
various air-sea feedback processes (such as evaporation and ocean mixing). The large
capacity of the ocean helps to maintain the cold SSTA, leading to a weak monsoon the
next year.



To identify the processes that can help a reversal of the monsoon anomalies from
one summer to the next, Meehl (1994, 1997) further considered the impact of land surface
and mid-latitude processes. The basic premise is that the pattern of tropical anomalous
convective heating associated with anomalous SSTs during northern winter can remotely
force a favorable long wave anomaly in the northern midlatitude. This midlatitude
circulation tends to maintain anomalous land surface temperatures over South Asia during
northern winter and spring, in such a way that the land-sea temperature gradient will favor
the reversal of the monsoon anomaly in the following summer. The midlatitude linkage was
also considered by Tomita and Yasunari (1996) who proposed that the anomalous SST in
the South China Sea served as the agent to connect the Asian summer monsoon and
midlatitude winter circulation pattern. More recently, Clarke et al. (1998) expanded on
Nicholls' (1978, 1979, 1984) theory and developed a model in which the interaction
between the mean seasonal wind cycle and evaporation excites a biennial mode in the
western equatorial Pacific, which may then drive a biennial oscillation in the Indian Ocean.

While the above theoretical studies have advanced our understanding of the
observed TBO, none are satisfactory in explaining the oscillation completely on a physical
basis. The local feedback mechanism in Nicholls’ and Meehl’s pioneer work provides a
basis to explain the reversal of the local SSTA following an anomalous monsoon season in
India in northern summer or in the maritime continent/northern Australia in northern winter.
However, the transition mechanism of the tropical large-scale east-west circulation in
Meehl’s (1987) earlier conceptual model is questionable. In particular, he assumed that
the Indian monsoon is affected by the equatorial eastern Pacific SSTA through the east-
west circulation. On the other hand, Krishnamurti (1971) and Krishnamurti et al. (1973)
showed convincing evidence that this circulation is driven by the deep convection of the
Asian monsoon, so the anomalous strength of the east-west circulation is a result of the
strength of the Asian monsoon rather than the other way around. Furthermore, Yasunari’'s
(1990) asymmetric lag correlation (Fig. 1) shows that only the post-summer equatorial
eastern Pacific SST has a significant correlation with the Indian summer monsoon. Thus, it
is more likely that the monsoon directly influences the eastern Pacific SST on the TBO
scale. This may be expected since a variation of the monsoon strength immediately
affects the east-west circulation through latent heat release in the middle-upper
troposphere. On the other hand, a small cold anomaly (order of -1°K, Ropelewski et al.
1992) in the eastern Pacific cold tongue is much less likely to play an active role to pull air
mass out of the Asian monsoon through the east-west circulation.

If the eastern Pacific SSTA do not play an active role in TBO, a mechanism will also be
required to explain the SSTA in the western Pacific, as one can no longer pre-assume the
western Pacific SSTA should be warm during a "strong" year. Related to this assumption
is another important part of Meehl's (1987) hypothesis that the southeastward progression
of the anomalous annual cycle convection links the TBO phase of the Australian monsoon
to that of the preceding Indian monsoon. This progression hypothesis was also questioned
by Clarke et al (1998), who pointed out that it implies the phase of the TBO should depend
strongly on the timing of the seasonal cycle. But Clarke et al's observational analysis
indicates that this is not always true. A biennial oscillation occurs in a region where there is
no clear seasonal maximum.



The midlatitude connection proposed by Meehl (1997) allows a TBO phase

transition in northern summer without the eastern Pacific transition mechanism proposed
by Meehl's (1987) earlier model. However, the process only acts during the transition from
northern winter to northern summer.

The Nicholls-Clarke et al hypothesis emphasizes the wind-evaporation feedback in the
tropical air-sea interaction. In order to produce an oscillation, Clarke et al (1998)
introduced an empirical equation with a time lag for the equatorial zonal wind anomaly to
correlate with the SSTA in the western equatorial Pacific. Their work highlights the crucial
importance of this time lag in determining the oscillation in their model. However, the
physical argument of this correlation that the wind anomaly responds to deep convection
heating is inconsistent with the 1-3 month time lag, since the adjustment time in the
atmosphere is much faster. This mechanism also does not explain the substantial TBO
signal in the Indian Ocean region.

In addition, all theories depending on midlatitude processes involve complex
interactions both within the tropics and between the tropics and the midlatitude. These
processes are difficult to track analytically and need to be studied by GCM experiments.
The experiments depend crucially on the GCM’s ability to accurately simulate the evolution
of the interannual anomalous patterns, which is still a substantial challenge in the Asian
monsoon region.

Thus, many important questions remain. The most notable ones are: What
determines the coherent temporal and spatial evolution of the TBO, and what types of air-
sea-land feedback processes are relevant and responsible for the development and phase
transition of the TBO? Why is a strong Asian monsoon followed by a strong Australian
monsoon? What factors determine the asymmetric evolution of the TBO from northern
summer to northern winter, and from northern winter to the following summer?

This work is an attempt to explain the TBO within a simple theoretical framework. In
the present paper we will consider tropical processes only, so that the results are analytical
and traceable directly to basic physical mechanisms. We will assume that the strong mass
outflow over the Asian-Australian monsoon region at upper levels drives the planetary-
scale east-west circulation in the tropics (Krishnamurti 1971, Krishnamurti et al. 1973).
Changes in both the intensity and the position of this east-west circulation, particularly its
equatorial portion that coincides with the Walker circulation (Bjerknes 1969), may affect the
SST variations (Philander 1990). On the other hand, any direct effect of eastern Pacific
SST on the east-west circulation will be excluded. In addition, we will include the effects of
the Walker circulation between the western Pacific and the Indian Ocean. These effects
turn out to play crucial roles in answering the key questions related to the spatial structures
and the temporal transitions of the TBO.

Section 2 describes the construction of a simple model that includes specific air-sea-
land interaction processes that connect the Asian and Australian monsoons to the Indian
and Pacific ocean SST and wind changes. Section 3 presents the model result, which is
used to determine the temporal and spatial structures of the TBO. These structures are



discussed in Section 4 where the main physical processes involved in the complex
interactions are elucidated. Section 5 gives some concluding remarks.

2. Model
a) Governing equations

A simple five-box (as shown in Fig. 4) model is constructed to study tropical ocean-
atmosphere-land interactions. Along the equator the ocean is divided into three unequal-
volume regions, with T, Ty and Te representing, respectively, the SSTA in the Indian Ocean
(60°E-120°E), western Pacific/maritime continent (120°E-160°E) and eastern Pacific
(160°E-80°W). Appendix A gives the detailed derivation of the SST equations. The time
rate of change of the SSTA in the Indian Ocean may be written as:
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where the first two terms in the right side of (1) represent a linear form of surface wind-
evaporation feedback, the third term the zonal temperature advection, and the last two
terms the vertical temperature advection. In (1), U, u and w denote, respectively, the
surface zonal wind, ocean zonal current and vertical velocity at the base of the mixed layer,
Dq air-sea specific humidity difference, T¥and T zonal and vertical ocean temperature
gradients, where subscript | stands for Indian Ocean and an over bar the time-mean basic
state field; Vo denotes a constant mean surface wind speed; | =r ,c,L/rc, h where r

and r , are the density of water and surface air, k an empirical constant relating SST and
specific humidity, c, the specific heat of water, c, the drag coefficient, L the latent heat,
and his the mean depth of the ocean mixed layer.

The change of SSTA in the western Pacific is given by:
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where h denotes the thermocline depth anomaly and g represents the strength of

subsurface ocean temperature variations associated with the thermocline movement, and
subscripts w and ¢ denote the western and central equatorial Pacific respectively. The
annual mean zonal wind in the equatorial western Pacific is very small, but the first term
may be important if seasonal-mean wind (westerly during northern summer and easterly
during northern winter) is considered. Thermocline variation is included because itis very
important in the Pacific on the interannual time scale (Philander 1990, Meehl 1993). Even
though in the equatorial western Pacific vertical motion associated with the mean ocean
circulation is downward, the effect of wind-induced vertical mixing, which is proportional to
the third power of surface wind speed (Kraus and Turner, 1967), makes the mean vertical
velocity weakly positive. Thus, the thermocline variations can affect western Pacific SSTs
through subsurface ocean temperature changes.

Similarly, the SST equation in the eastern Pacific reads,
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The change of the thermocline depth in the Pacific is determined by the change in the zonal
wind stress in the central Pacific, based on a Sverdrup balance (Neelin 1991, Li 1997),
that is,
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where g is reduced gravity, H the mean depth of the ocean thermocline, Lgy the distance
between the western and eastern equatorial Pacific, and a =r ,c,V,.

Observations indicate that positive SSTA often occur over the equatorial Indian
Ocean prior to a strong Indian monsoon (Ropelewski et al. 1992, Lau and Yang 1996).
Similarly, neighboring positive SSTA exist before a strong Australian monsoon. As a
result, moisture convergence into the monsoon region increases (Meehl, 1994, 1997). The
anomalously warm ocean also has a negative impact on the monsoon heating, as it
reduces the land-sea thermal contrast and induces anomalous divergence out of South
Asia. However, as will be shown in the scale analysis in sub-section 2b, this effect is
relatively small. The net effect of the positive SSTA is the intensification of convective
heating in the monsoon region. By assuming the monsoon heating is proportional to the
anomalous moisture convergence in the atmospheric boundary layer, the SST-monsoon
feedback process may be parameterized as:

Q, =-d br ,DA (N ¥g),, 5)

where subscript j= 1 or A, denoting the Indian or Australian monsoon; d represents the
seasonality of the monsoon heating with d, =1 for JJA (June-July-August) and =0

otherwise, and d ,=1 for DJF (December-January-February) and =0 otherwise; b is a

fraction of the moisture convergence that condenses out and releases the latent heat
following Kuo (1974), Dzis the depth of the atmospheric boundary layer, and
q; =(0.972T - 8.92)° 10 is the initial surface air specific humidity immediately before the

onset of the monsoon, which is a function of SST (T ) according to an empirical analysis (Li
and Wang 1994).

On the interannual time scale, surface zonal winds over the Indian Ocean consist of
two major parts, as illustrated in the following equation:

UI :CllQI +C2TW :dlclTI +CZTW' (6)

Here the first term on the right hand side gives the direct response to anomalous monsoon
heating and the second part reflects the change of intensity of a Walker cell over the Indian



ocean due to the SST change in the maritime continent. Eq. (6) is schematically illustrated
in Fig. 5a. The surface wind in the western Pacific, on the other hand, is determined by the
anomalous heating over Australia and by the Indian monsoon which, by altering the
planetary-scale east-west circulation, changes the surface wind in both the western and
central equatorial Pacific (Barnett et al., 1989; Meehl, 1997):

UW = C3'QA - CAIQI :dAcsTw - d|C4T| . (7)
This equation is schematically represented in Fig. 5b.

In addition to the influence by anomalous South Asian and Australia monsoon
heating, the wind in the central equatorial Pacific is also affected by zonal SST gradients
along the equator (Lindzen and Nigam 1987) so that the total anomalous zonal wind in the
central Pacific is written as:
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where A is a SST-gradient momentum forcing coefficient (Wang and Li 1993), and e is an
atmospheric Rayleigh friction coefficient. Eq. (8) is represented schematically in Fig. 5c.

The surface wind in turn drives the ocean surface current and induces ocean vertical
overturning. A simplified Cane-Zebiak (Cane 1979, Zebiak and Cane 1987, Li 1997)
model is used to calculate the ocean surface currents and Ekman pumping velocity along
the equatorial Indian and Pacific Oceans. They are:
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Here b denotes the planetary vorticity gradient, H is the mean depth of the ocean

thermocline, and r is a friction coefficient in the oceanic Ekman layer. The vertical
velocities in (12) and (13) consist of both meridional and zonal convergence components.
The meridional component of the Ekman convergence in the eastern Pacific is estimated
with a ratio of s from its counterpart in the central Pacific. Table 1 lists the standard



values of the model parameters, where the interactive coefficients c;, c,...cs are determined
by a scale analysis given in the next subsection.

b) Scale analysis for interactive coefficients

The characteristic scale for the vertical motion over the monsoon region can be
deduced from a primary balance between the adiabatic process and diabatic heating.
Following Wang and Li's (1993) 2.5-layer model, we have:

R
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> Is the mid-tropospheric static stability parameter, ¢, = 50ms* the first

where S, =

baroclinic mode gravity wave speed, Dp= 375 hPa the half depth of the free atmosphere;
w, denotes the p-coordinate vertical velocity at p, = 475 hPa (the mid troposphere), Rthe
gas constant of dry air, and Q, represents the atmospheric heating that is proportional to
the anomalous precipitation rate.

We assume that precipitation over the monsoon region is primarily determined by
boundary-layer moisture convergence. The change of SST in the equatorial oceans may

have both positive and negative effects on monsoon rainfall. A positive SST anomaly in
the Indian Ocean, on the one hand, causes an increase of the local specific humidity, q',

and thus an increase of the surface moisture convergence. On the other hand, it reduces
the land-sea temperature gradient and induces an anomalous surface divergence, N: V¢,
and thus a decrease of the rainfall. The two processes can be written as:

P =br ,D7(- N/)qe+ (- N/ ¢g] . (15)

Here P is anomalous precipitation, superscript (s indicates South Asia,

A . . aneB - .
—T,. Given A= 25,e,=3"10"°s ™", which is
e, L
y =y
adapted from Li and Wang's (1994) calculation of direction- and latitude- dependent
Rayleigh coefficients, Nx/ ¥ =-2" 10°s™?, g =18" 103, and the parameter values in

Table 1, (14)-(15) give:

W] __RLg
|2Dp| 4c, p,C3

q¢=0.972" 10°T, =¢,T,, and N/ ¢=

P =47 107s K T,. (16)

The ascending of air mass over the South Asian monsoon region is balanced by
planetary-scale east-west circulations and a local Hadley cell with sinking motion in the
southern hemisphere. Krishnamurti (1971) showed that the east-west cell over the Pacific
is the major branch. Assuming that this cell involves 50% of the total air mass in the
circulations, and denoting U and L,. as the low-level return flow strength and the zonal

extent of the east-west cell, we have:
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For the parameter values given in Table 1, the strength of the central Pacific zonal
wind associated with the anomalous Indian monsoon heating based on (16)-(17) may be
written:

UL =-4ms'K™'T,.

Applying the same principal to the Australian monsoon region where horizontal length scale
for the Pacific basin is about 70% of L., we obtain another contribution to the central
Pacific zonal wind:

U® =-28ms*K 'T,.

These two relationships give the values of ¢s = 2.8 ms’K™* and ¢s = 4 ms*’K™in (8). The
relationship that links U with T, also applies to U,, , as both will be affected by the

anomalous planetary scale east-west circulation produced by the anomalous South Asian
monsoon. So the same consideration gives ¢, = 4 ms*K™in (7).

The SSTA in the western equatorial Pacific/maritime continent excite anomalous
local Hadley and Walker circulations. Krishnamurti et al (1973), in a study of the northern
winter monsoon, showed that the local Hadley and Walker circulations driven by the mean
monsoon heating are nearly comparable in magnitude. Therefore we will assume the
mass involved in the anomalous circulations are also equally distributed between the two.
The Walker circulation has western and eastern branches, the former is a cell over the
equatorial Indian Ocean. Based on the scaling argument used in (15)-(17), the
characteristic scale of the surface zonal wind over the Indian Ocean, U® (associated with

the western Pacific SSTA), is given by
€ (WP)
|UIl |“ |W2 i | = RLg - pr(WP)_ (18)
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Here the superscript (\wp) denotes western Pacific. Different from the case in the monsoon

region, the two moisture convergence terms over the western Pacific have the same sign
as the SSTA. The precipitation rate in the western Pacific may be written:

.= _wm A
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Given N»/ =-2"10%s ' and g"P =18" 102, same values as the Indian Ocean,

and assuming the western branch represents one half of the anomalous Walker circulation
therefore one quarter of the total anomalous circulation, we have:

WP
W 1,
U® =25%—2—IL,, =1.6ms‘K'T,,.

2Dp

Therefore ¢, = 1.6 ms'Kin (6).
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The surface convergence associated with the anomalous heating over the monsoon
region generates a positive anomalous vorticity. The steady solution for the anomalous
vorticity may be written as

ev=- f,N»/ = fO}M
Dp

where V is the relative vorticity and f, =3.3" 10"°s™* is the Coriolis parameter.

Corresponding to the generation of the anomalous vorticity, surface zonal wind anomalies
are excited to the south of the South Asian monsoon region and north of the Australian
monsoon region. These zonal wind anomalies may be estimated by applying (20) to both
regions:

: (20)
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Thus, in (6) c; = 4ms'*K™*and in (7) c; = 4 ms'K™.

The above scale analysis provides estimates of the interactive coefficients used in
(6)-(8). These values may also be compared with the biennially filtered surface wind and
SSTA over the equatorial Indian and Pacific Oceans observed by Ropelewski et al (1992).
Their SST structure (their Fig. 9) indicates SSTA of 0.4 — 0.5°C in the Indian Ocean and
their surface wind structure (their Fig. 14) indicates a zonal wind anomaly of 1.4—1.6 m s~
1. These values indicate the range of ¢, ¢, and cs to be 3-4 ms™ K™, which are comparable
to the results of our scale analysis.

3. Results

With the parametric values given in Table 1, Fig. 6 shows the time evolution of the
model simulated anomalous rainfall rates over the South Asian and Australian monsoon
regions. The amplitude of the anomalous precipitation rate is 1.9 mm/day in the former
and 1.3 mm/day in the latter. The solution is a pure biennial mode, with a stronger
(weaker) Australian monsoon always following an intensified (weakened) South Asian rain
season.

The time evolution of the model SST and zonal wind fields (Fig. 7) resembles most of
the gross structure of the TBO observed by Lau and Yang (1996) along the equator as
described in Fig. 2. The SSTA in the Indian Ocean and in the eastern Pacific are
approximately in phase in time, and they are out of phase with that in the western equatorial
Pacific. The amplitude of the SST oscillations is around 0.5°K in the Indian Ocean and the
western Pacific, and is around 1.0°K in the eastern Pacific. Over the Indian Ocean,
maximum westerly winds with amplitude about 2 m s™ appear in July-September and are
accompanied by an intensified Indian monsoon. Over the western Pacific/maritime
continent, they occur in December-February with an amplitude of near 1.5 m s™ and are
associated with an intensified Australian monsoon. Thus, the model is capable of
simulating the essential characteristics of the biennial oscillation. The main difference
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between Fig. 7 and observations is that the SSTA in the eastern Pacific start earlier (Lau
and Yang 1996) in northern spring rather than July. This spring transition feature is most
likely related to the phase transition of EI Nino-Southern Oscillation (ENSO) (Webster and
Yang 1992) that is excluded from the present model.

In addition to basic agreement with the observed TBO, signals of some of the
observed detail features are also reflected in the simulated results. These include the
delay of the maximum Indian Ocean SSTA relative to that of the eastern-central Pacific, the
occurrence of two SSTA maxima in the western Pacific between northern fall and northern
winter, and the appearance of eastward propagation of the SST and zonal wind anomalies
from Indian Ocean to the western Pacific. In the ensuing paragraphs we will investigate the
specific air-sea-land interactions that determine this simulated tropical TBO.

Figs. 8a-c show the time variations of individual terms that drive the anomalous SST
in the Indian Ocean, eastern Pacific and western Pacific, respectively. In the Indian Ocean
(Fig. 8a) the leading term is the evaporation feedback from the anomalous strength of the
monsoon wind. It reverses sign sharply from warming into cooling as a strong Indian
summer monsoon starts in June and overwhelms all other terms. The strong cooling lasts
through summer and then decays rapidly when the monsoon season is over, keeping only
1/3 of the amplitude in September. The decrease of cooling then slows down considerably
through northern fall, reaching a minimum in December. Afterwards, the onset of the
Australian monsoon gives a modest boost to the cooling, so the cooling continues through
the beginning of June. Without this boost, the trend in fall indicates that the evaporative
cooling would be much diminished in northern spring.

In the eastern equatorial Pacific (Fig. 8b) the largest term is the thermocline variation,
followed by the anomalous upwelling. They also switch sign sharply to cool the SST as the
strong northern summer Asian monsoon starts. Because both terms are more efficient
processes to cool the SST than evaporation, their magnitudes are considerably larger
(0.08 K/day and 0.028 K/day, respectively) than the evaporation cooling term in the Indian
Ocean (<0.015 K/day). Therefore, even though they are counteracted by the damping
effect of the mean upward advection of anomalous SST and the weaker evaporation due to
the cooler sea surface, the cooling of the eastern Pacific is much more rapid and intense
than the Indian Ocean. This stronger anomalous SST response in the eastern Pacific
compared to the Indian Ocean can be seen clearly in Fig 6. The effect of the Australian
monsoon to reinvigorate the cooling is more conspicuous than in the Indian Ocean,
resulting in two significant peaks of SST rate changes each year in Fig. 8b.

In the western equatorial Pacific (Fig. 8c), the thermocline variation and the
evaporation terms, which both peak at 0.014 K/day, are the leading terms. The former
effect is due to the tilting of the thermocline, which has the opposite sign as in the eastern
Pacific. The deepening of the thermocline in the western Pacific may increase local
subsurface ocean temperatures (Meehl 1993), which may further reduce the effect of
surface cooling due to wind-induced vertical mixing. On the other hand, the effect of
anomalous upwelling has the same sign as in the eastern Pacific because both regions
experience the same anomalous surface zonal wind associated with the planetary scale
east-west circulation. However, the thermocline variation term dominates over the
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anomalous upwelling, so the time rate of change of SST in the western Pacific tends to be
out of phase with that in the eastern Pacific and Indian Ocean. The evaporation term is
also in phase with the thermocline variation term. During a strong Indian monsoon, the
anomalous east-west circulation produces anomalous surface easterly wind which
opposes the northern-summer mean westerly wind and reduces evaporation, leading to an
increase in the western Pacific SST. The subsequent strong Australian monsoon induces
anomalous westerlies in the western Pacific. Since the mean zonal wind during northern
winter is easterly, the evaporation is again reduced and the SST increases. The effect of
the second SST change due to the Australian monsoon is also conspicuously manifested
in the SST time series (Fig. 7), where two distinct maximums of the western Pacific SSTA
are clearly indicated.

4. Discussion

In order to aid the discussions, a schematic diagram illustrating how the interactions
between the monsoon, ocean, and atmosphere promote a biennial oscillation in the model
is given in Fig. 9. In this figure the main cause-effects for the strong monsoon phase are
given in the left hand side, with the sequence of development driven by the northern
summer events indicated by red solid thin and double arrows and that driven by the
northern winter events indicated by black dashed arrows. The chain of events in the weak
monsoon phase is only symbolically sketched on the right hand side since the details are
exactly mirror images of the left hand side. The two phases are separated by a ribbon.
Fig. 10, which is built from Figs. 5a-c and graphically summarizes all the important
interactive processes, is presented as a companion diagram to Fig. 9 to help the
discussion.

Since the starting point of an ideal TBO cycle is arbitrary, we will start from a warm
SSTA condition in the Indian Ocean prior to the South Asian summer monsoon season,
and follow the thin arrows in Fig. 9. The warm SSTA increase the local lower tropospheric
moisture through surface evaporation. As the South Asian summer monsoon develops,
southerly winds to the south of the Indian subcontinent bring the excess water vapor into
South Asia, which intensifies the convective rainfall and leads to a strong monsoon. The
convective heating associated with the stronger monsoon on one hand induces a westerly
wind anomaly over the Indian Ocean due to the enhanced low-level vorticity (indicated by a
thin arrow), and on the other hand intensifies a planetary-scale east-west circulation
leading to anomalous easterlies over the western and central Pacific (indicated by the solid
double arrow). The westerly anomaly over the Indian Ocean decreases the local SST,
primarily through the evaporation-wind feedback. This cooling will help the development of
a weak phase of the South Asian summer monsoon if the cold SST can persist for nearly
one year.

We will now shift attention to the other branch of the summer driven events (solid
double arrows). In the western Pacific, the dominant term is the anomalous vertical
temperature advection that is associated with the subsurface temperature or thermocline
changes. Because the anomalous easterlies in the central Pacific deepens the ocean
thermocline in the western Pacific, this term increases the SST in the western Pacific.
Meanwhile, the anomalous easterlies in the western Pacific oppose the summer-mean

13



westerlies resulting in reduced evaporation and additional warming. (The easterly anomaly
also tends to cool the local SST through zonal advection and Ekman-induced upwelling, but
both effects are small — the latter due to the weak mean vertical stratification in the western

Pacific.) As a result, warm SSTA persist in the western Pacific through northern fall, which

eventually leads to a stronger Australia monsoon in northern winter and the beginning of the
winter-driven event sequence indicated by the dashed double arrows.

Whenever there is warming in the western Pacific, it strengthens the western branch
of the Walker cell and thus a surface westerly anomaly over the Indian Ocean. Therefore,
the westerly anomaly over the Indian Ocean is reinforced during northern fall (the solid
double arrow). This helps the cold SST to persist through the succeeding seasons.

Meanwhile, the easterly anomaly in the central Pacific, through anomalous upwelling
and shoaling of the thermocline, also cools the SST in the eastern Pacific. The east-west
SST gradient further intensifies the anomalous easterlies over the central Pacific,
reinforcing the tilting of the thermocline and the warming of the western Pacific SST.

The warm SSTA in the western Pacific are weakened in late northern fall by
anomalous cold advection from the eastern Pacific. However, they are reinvigorated in the
northern winter (Fig. 7) when the Australian monsoon becomes stronger. This is
accomplished through two processes: the western Pacific westerly anomaly that weakens
the winter-mean easterlies and reduces evaporation, and the central Pacific easterly
anomaly (associated with the strengthened east-west circulation) via a change in the tilting
of the thermocline.

Thus, the winter driven events (indicated by the dashed double arrows) become the
third mechanism (in addition to the local feedback and the summer driven events) to keep
the Indian Ocean’s surface wind anomaly westerly and its SST cold, leading to a weaker
Asian monsoon in the following summer. (The warm western Pacific SST further intensifies
the eastern Walker cell and helps to keep the eastern Pacific cold.) This interactive system
explains why the Indian Ocean SSTA can be kept from weakening rapidly.

The reversed cycle associated with a weak Asian monsoon is sketched to the upper-
right of the ribbon in Fig 9. The thin arrows that form a closed loop surrounding this ribbon
represent the local wind-evaporation negative feedback theory of Meehl (1987, 1997) for
the TBO of the South Asian monsoon. In order to explain the coherent temporal and
spatial structure, the interactions between the monsoons, east-west circulation, and ocean
thermocline variations, as represented by the double arrows (both solid and dashed) in the
strong monsoon phase in Fig. 9, are required. These processes are responsible for an
Australian monsoon whose TBO phase follows the South Asian monsoon, and for a
sustainable SST anomaly in the Indian Ocean to cause a phase reversal of the TBO cycle
one year later.

5. Concluding remarks

Based on the results from a simple conceptual coupled atmosphere-ocean-land
model, a mechanism for the tropical tropospheric biennial oscillation is proposed. This
simple model is designed to describe only the essential physics that is necessary and
sufficient for reproducing the fundamental features of the observed tropical TBO. The key
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processes in this theoretical framework are the evaporation-wind feedback, the SST-
monsoon feedback, and the feedback between the monsoon-driven east-west circulation
and ocean thermocline variations. It is shown that the interactions of these processes can
provide a plausible physical mechanism to develop the spatial and temporal structure of
the observed TBO in the tropics. Therefore, this theory explains two interesting questions
of the TBO, namely, why a strong South Asian summer monsoon will lead to a strong
Australian monsoon, and how the reversed SSTA following a South Asian summer
monsoon can be sustained for several seasons to reverse the phase of the monsoon TBO
in the next year.

In our model a Walker circulation between the western Pacific and the Indian Ocean
is an essential component in the phase transition mechanism of the TBO. This Walker
circulation allows the western Pacific/maritime continent region to play a crucial role in both
the summer-to-winter monsoon transition and in sustaining the Indian Ocean SSTA after
the monsoon. The region serves as a bridge in space and time, both in connecting the
convection anomaly from the northern summer to the northern winter monsoon and in
channeling the feedback of the northern winter monsoon (and that of the eastern Pacific if
sufficiently strong) to the Indian Ocean (Figs 9-10). This role is due both to its central
geographical location and its high mean SST, which is conductive to the active convection
that drives the Walker cell over the Indian Ocean.

A question may be raised that the local feedback of SST on the South Asian
monsoon is probably weak because the observed correlation of Indian monsoon with
Indian Ocean SST is only about 0.25-0.3 (Fig. 2). However, we have conducted a
preliminary study in which the data are band-pass filtered into TBO (1.5-3 year) and ENSO
(3-7 year) windows. In the TBO window the correlation of spring Indian Ocean SST with the
subsequent monsoon rainfall is 0.4-0.5, while the correlation of spring East Pacific SST is
much smaller. (The situation is reversed in the ENSO window.) Furthermore, the proposed
TBO theory is based on processes within the tropics, thus it excludes the possible
feedback through tropical - midlatitude interactions. However, the possible effects of the
forcing of the midlatitudes by tropical heating (Meehl 1994, 1997) and snow cover
anomalies (e.g., Yanai and Tomita, 1998) will not change the phase of the model biennial
oscillation. This is because these effects would give rise to the same sign of response in
the biennial cycle as that of the equatorial SST produced by the present model. Thus, the
mechanisms that connect the TBO in the Indian summer monsoon to the subsequent
Australian monsoon will still apply.

The TBO amplitude of Indian rainfall of 1.9 mm/day in the present model is about 60%

of the amplitude observed by Yasunari (1990). This underestimate implies that we have a
smaller low-level moisture convergence anomaly. In our model the convective heating due
to anomalous convergence of mean moisture is negligibly negative over the Indian Ocean
when the SST is warm. But in the real atmosphere anomalous convergence into the
monsoon region will develop following the anomalous heating. Thus this term would have
been positive and non-negligible, and contribute to an increase in the rainfall amplitude.
We have also neglected the land temperature anomalies over South Asia associated with
possible tropical-midlatitude interactions (Meehl, 1994,1997) These anomalies will affect

15



the land-sea temperature contrast and may also increase the moisture supply. In future
studies such processes can be added to the simple model.

Since the Indian Ocean in the model is represented by just one box, certain
processes that could be important have been excluded. This includes the effect of the
interannual variation of the zonal thermocline movement, and the cross-equatorial ocean
heat transports in association with monsoon annual cycle. The latter makes an essential
difference between Indian and Pacific Oceans. These processes can also be added to the
simple model in future studies.

A conspicuous difference between the model results (Fig. 7) and the observed lag
correlation (Fig. 1) occurs in the eastern Pacific, where the monsoon-driven SSTA
transition occurs in June rather than in northern spring. This is probably due to the
exclusion of other types of air-sea interaction processes such as El Nino/Southern
Oscillation (ENSO) which involves atmosphere-ocean interactions in the Pacific. Prior to
middle 1970s El Nino and La Nina events frequently occurred in consecutive years and
appeared to have a phase lock with the seasonal cycle. The El Nino's are strong events
with SSTA several times higher than TBO (Ropelewski et al., 1992), so the forcing of an
anomalous east-west circulation that may influence the Asian-Australian monsoon region in
this case is more plausible. These El Nino-La Nina pairs may be manifested in the
northern spring eastern Pacific SSTA transition in Fig. 1. On the other hand, after late
1970s the ENSO seasonal phase lock with a spring transition is not obvious (Torrence and
Webster,1998; Chang et al., 2000), and the eastern Pacific is dominated by lower
frequency variations. Our recent observational studies indicate that the SSTA there
relative to the East Asian summer monsoon change sign mainly in northern fall instead of
spring (Chang et al.,1999).

Our theory indicates that TBO is an inherent result of the interactions between
northern summer and winter monsoon and the tropical Indian and Pacific Oceans. This
TBO mechanism is different from ENSO. As is well known, ENSO involves ocean-
atmosphere interaction processes mainly in the tropical Pacific. Its basic mechanism does
not require monsoon. On the other hand, the Asian-Australian monsoon is an essential
part of the TBO. This consideration is an important difference from the view that ENSOs
are extreme events of TBO (e.g., Meehl 1987, 1994). When both systems are present, the
feedback between the monsoonal planetary-scale east-west circulation and ocean
thermocline variations will impact directly the variation of ENSO with clear implications. A
strong monsoon associated with TBO would produce an anomalous cooling tendency for
the eastern/central equatorial Pacific SST. On the other hand, the possible influences of
ENSO to the monsoon rainfall may be complex. The SSTA in the Indian Ocean and the
eastern/central Pacific are generally in phase on interannual time scales. That is, during an
eastern Pacific warm event the North Indian Ocean also tends to be warmer than average.
By providing more moisture convergence into South Asia, this warm SST anomaly tends to
favor a strong South Asian monsoon. However, the direct impacts of the circulation
anomalies that are associated with a warm ENSO phase would produce a large-scale
descent over the monsoon region. This anomalous descent would reduce the monsoon
rainfall, either by reducing the intensity and life cycle of the monsoon disturbances, or by
producing a displacement of the seasonal-mean rainfall pattern. The combination of these
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two opposite effects will determine the net effect of ENSO on the monsoon at a given time.
Therefore, depending on the phase of the biennial mode at that time, the otherwise regular
biennial cycle may be disturbed. The present theory predicts a robust TBO mode from
northern summer through northern winter because of the interactions between the South
Asian summer monsoon, the western equatorial Pacific and the Australian monsoon
regions. Therefore, the biennial cycle is most susceptible to be broken in northern spring,
when SST in the Indian Ocean may be altered by various temporal and spatial-scale
atmospheric (and ocean) motions. Among the possible interfering systems are the ENSO
and the MJO. In a subsequent paper we will discuss the nonlinear interactions between
ENSO and TBO that may disturb the regular cycles of both oscillations.
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Appendix A: Derivation of SST equations for the equatorial India Ocean, western
Pacific and eastern Pacific

The time change rate of SST anomaly in the equatorial Indian Ocean may in general
have the following form:
(LH)
B = _ UI'TI(X) - UI TI(X) -V, 'FI(Y) - \_IITl(y) _ Wl'Tl(Z) _ V_VlTl(Z) - I_’ (Al)
1t rc,h
where u, v, and w represent zonal, meridional , and vertical velocity in the ocean mixed
layer, T%, TWand T denote the gradient of ocean temperature in X, y, and z directions, a
bar denotes basic state quantity, subscript 1 stands for the Indian Ocean, and Q"
represents latent heat flux anomaly at the ocean surface that may be linearly expressed as
(LH) — _LTI
Q" =r LDy, V—Uj +1 ,C, LVKT, (A2)
0
where j = |, W, or E, representing the Indian Ocean, western Pacific, and eastern
Pacific, respectively.

Similarly, the time change rate for the equatorial western and eastern Pacific may be
written as:

(LH)
T o T BT - T - T - W TP - BT (A
fit rc,h
T _ _ _ (LH)
ﬂtE = uCTC(X) - UCTC(X) B VETE(y) B \_/ETéy) B WETE( ?- V_VETE(Z) B > h (Ad)
rc,

Note that in Egs (A1, A3, A4), we have neglected radiative and sensible heat fluxes
at the ocean surface. Since the annual mean SSTs are approximately symmetric to the
equator in the tropical Indian and western Pacific Oceans, we neglect the meridional
temperature advection terms in (A1) and (A3). Since there is only one box over the Indian
Ocean in the current framework, we do not take into account anomalous zonal temperature
gradient so that T, T, =0. This leads to the final form of Eq. (1).

Zonal temperature advection anomalies in the Pacific Ocean depend on basic state
zonal currents and temperature gradients in the central Pacific. Since the mean zonal
current is always westward and because the zonal current anomaly on TBO scale in
general only alters the strength, but not the sign, of the mean westward current, we drop the
zonal temperature advection term in the Tg equation. Furthermore, We assume that the
TBO mode in the eastern Pacific is approximately symmetric to the equator. This leads to
Ve=TeY=0. As discussed in Zebiak and Caue (1987), Neelin (1991), and Li (1997), we
assume that subsurface ocean temperature anomalies in the Pacific depend on
thermocline depth variations. Finally we drop the first term in the right hand side of Eq. (A2)
for the Te equation, simply because in the current framework the subsidence branch of the

21



monsoon induced east-west circulation coincides with the Tg box, so that anomalous zonal
wind, Ug, is equal to zero.
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Table 1. List of values of model parameters
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Fig. 1. Lagged correlations between the Indian monsoon rainfall anomaly and the SST anomaly in the western Pacific Ocean (0°-8°N, 130°-150°E, solid curve) and
the eastern Pacific Ocean (0°-8°N, 170°-150°W, dashed curve). Y(-1) and Y(+1) refer to the year before and after the reference year (Y0). From Yasunari 1990.
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December one year after, the monsoon. From Lau and Yang (1996).
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Fig. 5a. Schematic diagram showing the relationship between U, and T, and Ty,. The Indian Ocean SST determines the anomalous moisture convergence (green
thick arrow) into South Asia, which in turns determines the convective heating (Q,) and cyclonic vorticity (C) of the northern summer monsoon, therefore relating T, and
U, during northern summer only. The western equatorial Pacific SST determines the strength of the western Walker cell. This cell operates in all four seasons and

causes Ty to influence U, continuously throughout the year.
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Fig. 5b. Schematic diagram showing the relationship between Uy, and T, and Ty. The western equatorial Pacific SST determines anomalous moisture convergence
(green thick arrow) into Australia, which in turns determines the convective heating (Q,) and cyclonic vorticity (C) of the southern summer monsoon, therefore relating
Tw and Uy during northern winter only. The strength of the east-west circulation indicated in the diagram depends on the convective heating of the South Asian

monsoon, thus it links the Indian Ocean SST with Uy, during northern summer.
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Fig. 5c. Schematic diagram showing the relationship between Uc and T;, Tyy and Tg. Through the strength of the east-west circulations, Uc is affected by the
Indian Ocean SST during northern summer and the western equatorial Pacific SST during northern winter. In addition, the SST gradient between the eastern
and western equatorial Pacific influences Uc throughout the year.
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Fig. 6. Model anomalous rainfall rate (mm/day) in the South Asian monsoon region (a) and the Australian monsoon region (b).
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Fig. 8. Terms contributing to the time rate of change of SST in the Indian Ocean (a), eastern equatorial

Pacific (b) and western equatorial Pacific (c).

33



N. Summer Events

> >

N. Winter Events

s

Shallower
thermocline in
EP

Warm SST
inlO

Easterly over
IO

b

Strong
South Asian
monsoon

Strong
Australian
monsoon

Strong
east-west
circulation

Weak
S0. Asian
Monsoon

ColdSSTin 10

\\*
\W%rm SSTin

WP

Thermocline deepens
in WP

Westerly
over 10

Fig. 9. Schematic diagram indicating the interactive processes leading to the TBO. Land and ocean regions are shaded. Non-shaded boxes indicate
atmospheric (oval) and oceanic (rectangular) processes involved in the interactions. Northern summer-driven events follow solid thin and double arrows,
northern winter-driven events follow dashed double arrows. The strong monsoon phase starts with warm SST in the Indian Ocean leading to a strong South
Asian monsoon in northern summer. In addition to a surface westerly anomaly over the Indian Ocean during northern summer (thin arrow) that cools the SST,
complex interactive processes (double arrows, both summer and winter driven) involving both western and eastern equatorial Pacific and the Australian
monsoon are required to reinvigorate this westerly anomaly until the next summer. These processes also lead to a strong northern winter monsoon that
follows the strong summer monsoon. The reversed phase is sketched in the upper right side of the ribbon. See text for details.
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Fig. 10. Schematic diagram summarizing the important atmospheric, land and ocean interactions. The northern summer processes are indicated by light
blue, the northern winter processes by purple, and the year-around processes by dark blue. The primary mechanism in changing SST is through wind-
evaporation for the Indian Ocean, thermocline tilting for the eastern equatorial Pacific, and both processes for the western equatorial Pacific. This diagram
highlights the key roles played by the western equatorial Pacific both in allowing the northern summer monsoon to influence the northern winter monsoon, and
in the maintenance of the Indian Ocean surface wind anomalies until the next monsoon by linking the feedback’s of the Australian monsoon and the eastern
equatorial Pacific to the Indian Ocean.
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